Abstract In energetic equilibrium, the atmosphere's net radiative divergence (R) is balanced by sensible (S) and latent (L) heat fluxes, i.e., R1S1L50. Radiative forcing from increasing CO 2 reduces R, and the surface warming following an increase in CO 2 is largely due to the reduction in atmospheric energy demand in S and L, with only a smaller surface radiative budget perturbation. With an idealized General Circulation Model, we show that the fast atmospheric adjustment at fixed surface temperature produces the required decrease in the sum of S and L through changes in the near-surface temperature and specific humidity. In layers near the surface, the reduced radiative cooling forces a temperature increase that leads to a negative Planck radiative feedback and, because of the reduced surface-atmosphere temperature difference, also to a reduction in sensible heat flux. In the free troposphere, the reduced radiative cooling leads to a weakening of the tropospheric circulation. Consequently, there is a decrease in the water flux exported from the layers near the surface, and as such in precipitation. By mass conservation, the near-surface specific humidity increases and surface evaporation decreases until it balances the reduced export flux. Other processes can amplify or dampen the responses in S and L and change the partitioning between these two fluxes, but by themselves do not ensure R1L1S50.
Introduction
In response to increasing atmospheric carbon dioxide (CO 2 ), General Circulation Models (GCMs) predict an increase in surface and tropospheric temperatures, and an increase in tropospheric radiative divergence R. Consequently, the sum of sensible (S) and latent (L) heat fluxes must increase to restore atmospheric energetic equilibrium ½L1½S1½R50;
( 1) where ½: denotes the global average. GCM calculations (e.g., Lorenz et al., 2010; Previdi, 2010) show that with global warming the sensible heat flux change is the smallest term and negative, whereas the latent heat flux and correspondingly precipitation increase. The global precipitation change-at a rate of 2-3 % per Kelvin surface warming in response to increasing atmospheric CO 2 in GCMs (e.g., Boer, 1993; Stephens & Ellis, 2008) -is largely a consequence of the change in tropospheric radiative divergence (e.g., Allen & Ingram, 2002; Betts & Ridgway, 1988; O'Gorman et al., 2012; Pendergrass & Hartmann, 2014; Trenberth, 2011) .
Increasing CO 2 without surface temperature change, however, leads to a decrease in global average precipitation. This is also known as the ''fast'' or ''direct'' response of the hydrological cycle (e.g., Andrews & Forster, 2010; Bala et al., 2010; Bony et al., 2013; Dong et al., 2009; Kamae et al., 2015; Sherwood et al., 2015) . This initial response is due to a very fast energetic re-equilibration of the atmosphere following the radiative forcing, known as the ''fast adjustment'' in the terminology of Gregory et al. (2004) . The fast adjustment is often discussed in the context of transient climate sensitivity, and climate geoengineering studies (e.g., Andrews & Forster, 2010; Bala et al., 2008 Bala et al., , 2010 Dong et al., 2009; Fl€ aschner et al., 2016; Samset et al., 2016; Sherwood et al., 2015) . In the method of Gregory et al. (2004) , the fast adjustment is determined as the intercept at the onset of forcing from a linear regression of the climate state as a function of surface temperature, with some complications arising from the climate state not being a linear function of surface temperature (Block & Mauritsen, 2013) .
The fast adjustment is also important because it transforms the CO 2 radiative forcing at the top of the atmosphere into a surface forcing that is dominated by a change in the atmosphere's demand of sensible and latent heat fluxes. Here we seek to contribute to a better mechanistic understanding of this transformation, specifically the question which processes allow the atmosphere to match the change in radiative divergence, which is a volume integral over the whole atmosphere
½Q rad dp;
where p s is the pressure at the surface, with the changes in sensible and latent heat fluxes. These are surface integrals of the form (see, e.g., Hartmann, 2016 )
½S5½C S Á juj Á T diff ;
where juj is the wind speed in the atmospheric layer adjacent to the surface, T diff and q diff are the temperature and specific humidity difference between the surface and the atmospheric layer adjacent to the surface, L v is the latent heat of vaporization, and the coefficients C L and C S encapsulate turbulent drag coefficients and other parameters. Strictly speaking, the parameterizations use the potential temperature difference, not temperature difference, but they are quantitatively similar and we use T diff for simplicity.
We make the case with GCM calculations in idealized aqua-planet configuration that three processes ensure that the atmospheric response satisfies equation (1): (i) the negative radiative feedback in the atmosphere near the surface, (ii) the negative response in sensible heat flux to near-surface air temperature change; and (iii) the atmospheric moisture demand responding to the change in the strength of the diabatic circulation due to the perturbation of tropospheric radiative cooling. Other processes may amplify or dampen the responses in ½L and ½S (and the partitioning between), but by themselves cannot ensure equation (1).
In the following, section 2 describes the numerical model setup and experiments. It is shown that in the model setup used, the atmospheric state of forced transient model runs with a slab ocean is approximately a linear combination of the states of equilibrated model runs with prescribed surface temperature. Section 3 presents a detailed analysis of the atmospheric fast response to the radiative forcing. Section 4 discusses the role of additional processes of relevance, specifically the near-surface wind, the cloud radiative effect, and the parameterization of convection. Finally, section 5 provides a summary and outlook.
Methods

Terminology
The initial, instantaneous effect of doubling atmospheric CO 2 is a change in the radiative heating rate (Q rad )
in the atmosphere. This initial change in the radiative heating rate is referred to here as the forcing, and is denoted by D F Q rad , where the superscript ''F'' refers to the forcing. The response is the difference between the equilibrated forced state and the equilibrium unforced state. The responses are denoted as differences without superscript ''F.'' For instance, the responses in radiative heating rate, temperature, and specific humidity are written as DQ rad ; DT, and Dq, respectively. The feedback on the radiative heating rate arising from the responses of atmospheric temperature, and to a lesser extent humidity, is labeled as D fbk Q rad , and is given by
The radiative forcing determined from the time-mean equilibrated forced state following fast adjustment is referred to as the ''adjusted forcing'' in the terminology of Gregory et al. (2004) . For a forcing from CO 2 , this means: ''adjusted forcing'' 5 ''CO 2 -forcing'' 1 ''fast atmospheric adjustment'' (cf. their equation (1)). In terms of equation (5), the adjusted forcing corresponds to DQ rad , the CO 2 forcing corresponds to D F Q rad , and D fbk Q rad ðDT; DqÞ is a consequence of the fast atmospheric adjustment. We use the term ''feedback'' only for changes in radiation; changes in other terms of the energy budget (e.g., latent heating) that can balance the radiative forcing are ''responses.'' without ocean heat flux and at a constant annual-mean solar insolation, and with surface albedo chosen such that the global average surface temperature (about 288 K) is similar to that of Earth's present climate. Ice formation at the surface is suppressed. The standard configuration of HiRAM uses the Bretherton and McCaa (2004) shallow convective scheme, Tiedtke (1993) stratiform cloud closure scheme, and Mellor and Yamada (1982) turbulence closure scheme. This specific version of GFDL model was developed to improve hurricane forecast in part by better resolving spatial variations in sea surface temperatures (SSTs) at 50 km or higher horizontal resolution (e.g., Chen & Lin, 2013; Harris & Lin, 2014; Merlis et al., 2013; Zhao et al., 2009; Zhao & Held, 2012) . For the purpose of this paper, it is sufficient to use a 1 degree horizontal resolution instead, with 32 vertical grid levels in the atmosphere. The model's lowest atmospheric layer (henceforth labeled with subscript ''lal'') is from the surface to 992 hPa. In HiRAM, temperature (T lal ) and specific humidity (q lal ) from this layer are used for the calculation of surface evaporation and sensible heat flux (see equations (3) and (4)). That is, q diff 5q s 2q lal and T diff 5T s 2T lal , where q s is the saturation specific humidity at the surface and T s is the surface temperature.
Additional model calculations using the convection scheme implemented in the GFDL Atmospheric Model AM2 (Anderson et al., 2004) instead of the Bretherton and McCaa (2004) scheme are discussed in section 4.
Numerical Experiments
The (zonally uniform) SSTs required as lower boundary condition for the aqua-planet simulations with prescribed sea surface temperatures (henceforth labeled as ''SST400'' and ''SST800'') are taken from the equilibrated states of coupled slab-ocean model runs with 400 ppmv atmospheric CO 2 , and with 800 ppmv CO 2 .
All model results showing steady state conditions are based on 10 year averages after reaching equilibrium conditions. The evolution of the atmospheric state immediately following the onset of forcing (shown with a sampling period of 1 h) is discussed on the basis of 10 ensemble members derived from doubling CO 2 at 10 random times in the unforced model run (i.e., at 400 ppmv) in steady state. As will be shown, the forced response dominates for the first few days, after which the decorrelation between the forced and unforced runs becomes large and the instantaneous differences are dominated by vacillations in the atmospheric state.
In addition to the prescribed-SST runs with 400 and 800 ppmv CO 2 , and time-mean SSTs taken from the corresponding equilibrated slab runs, prescribed-SST runs with 800 ppmv but SSTs taken from the 400 ppmv slab run (termed the 1CO 2 experiment), and with 400 ppmv but SSTs taken from the 800 ppmv slab run (termed the 1SST experiment), are performed. Below, we show that the differences between the prescribed-SST runs are linearly additive.
Finally, the cloud radiative effect may amplify or dampen the initial forcing, with sign and magnitude potentially model dependent (see, e.g., Andrews et al., 2012; Dufresne & Bony, 2008; Kamae et al., 2015; . We therefore use model calculations without Cloud Radiative Effect (CRE) to establish the basic arguments and quantitative analyses to support the arguments. However, all model experiments were also performed with CRE (supporting information Figures S1-S3 and Tables S1 and S2) and are discussed, where helpful, alongside the results of the calculations without CRE. Relevant aspects of the CRE are discussed in more detail in section 4. Table 1 provides an overview of the prescribed-SST base state (SST400) climate, and the equilibrium changes therein in the SST800 experiment, and the 1CO 2 and 1SST experiments. Compared to Earth's climate, the Bowen ratio (½S=½L % 0:11 for SST400) is smaller, as expected for an aqua-planet model setup. However, the global mean latent heat flux (and correspondingly rainfall) and its change to doubling CO 2 are similar to that in comprehensive GCM calculations. Importantly, the decreases in sensible and latent heat fluxes in the 1CO 2 experiment are also consistent with GCMs in realistic configurations (see, e.g., Andrews & Forster, 2010; Bala et al., 2010; Cao et al., 2012) . Note: The last column shows the sum of the changes in the 1CO 2 and 1SST experiments, labeled ''sum(1CO 2 , 1SST).'' Journal of Advances in Modeling Earth Systems 10.1002/2017MS001116 Table 1 further shows that the differences between the runs SST400 and SST800 are to a good approximation the sum of the partial perturbation experiments 1CO 2 and 1SST. Figure 1 shows that this is also true for the transient state change following radiative forcing. This figure shows results from a slab-ocean model run with onset of radiative forcing (increasing CO 2 mixing ratio linearly in time from 400 to 800 ppmv) at time ''A'' up to time ''B,'' after which CO 2 is kept constant. The system reaches the new equilibrium sometime after ''B,'' with the timescale given by the heat capacity of the system. This figure shows that latent heat flux (and as such evaporation and precipitation) and sensible heat flux of the transient state are well approximated by the linear combination of the partial perturbation experiments 1CO 2 and 1SST as follows. Let RðtÞ be the climate state at time t, then the slab-ocean state R slab ðtÞ is reconstructed as
The Base Climate and Linear Combination of Prescribed Sea Surface Temperature Runs
where f 1 ðtÞ5ð½CO 2 slab ðtÞ2½CO 2 SST400 Þ=ð½CO 2 SST800 2½CO 2 SST400 Þ;
Since the prescribed-SST experiment 1CO 2 correctly captures the ''fast adjustment'' of the coupled slab-ocean experiment, insights from the 1CO 2 experiment also apply to the slab-ocean configuration with surface temperature response.
Returning to the 1CO 2 experiment which is the main focus of this paper, Figure 2 shows the global average profiles of the temperature time tendencies in the base state SST400. In addition to the well-established separation between stratosphere and troposphere (with the former in pure radiative equilibrium, and the latter in a balance between radiative cooling and heating from sensible and latent heat fluxes from the surface to the atmosphere (Riehl & Malkus, 1958) ), the structure of the temperature time tendency profiles suggests an additional separation around 900 hPa may be useful: In the troposphere above about 900 hPa, the dominant balance is between latent heating and radiative cooling, while below 900 hPa, the net latent heating is small (a net heating in the upper part is approximately offset by cooling from evaporating condensate in the near surface part), resulting in a balance primarily between sensible heating and radiative cooling. Also, most of the sensible heat flux diverges below 900 hPa, i.e., (6) and (7)) in the prescribed-SST base simulation. The grey horizontal lines mark the 900 and 150 hPa levels, which are used to define the top and bottom boundaries of the b900 layer and the stratosphere, respectively.
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½S % c p g
½s vdif dp; (6) where s vdif is the atmospheric temperature tendency that results from the vertical diffusion of sensible heat flux by the boundary layer scheme. Correspondingly, changes in this layer in response to radiative forcing can be expected to exert strong constraints on the changes in global average sensible heat flux (½S). It is common to consider this lower part of the boundary layer also as the ''subcloud layer'' (e.g., Betts & Ridgway, 1988; Larson et al., 1999; Takahashi, 2009 ). However, the GCM calculations analyzed here are not entirely cloud free in the 1,000-900 hPa layer (which complicates the analysis, see section 4), and we use the neutral term ''b900'' layer, which stands for below 900 hPa. Finally, because evaporation and condensation roughly balance in the b900 layer, the atmosphere's total precipitation (and total latent heating) is given to a good approximation by the condensing water flux integrated from 900 hPa upward (the precise separation is at 894.9 hPa in our model grid). Figure 3a shows the radiative forcing D F ½Q rad from doubling CO 2 , the radiative feedback D fbk ½Q rad , and the equilibrium response D½Q rad . The radiative forcing is calculated as the radiative perturbation resulting from the CO 2 change with all other parameters unchanged, averaged over 10 ensemble members. The response is calculated from 10 year averages after reaching steady state. Table 2 provides the numerical values averaged for the atmospheric layers of interest (total, stratosphere, troposphere without the b900 layer, b900 layer). The radiative forcing and fast adjustment in our aqua-planet simulations without CRE are quantitatively very similar to those from comprehensive GCMs (see, e.g., Colman, 2015, their Table 1 ).
Results
The Forcing and Response
The radiative forcing following a doubling of CO 2 consists of an increase in absorbed solar radiation and a decrease in outgoing longwave radiation. For the calculations without CRE, the increase in absorbed solar radiation is 0. Neglecting the small change in solar radiation, this is largely the result of the decrease in longwave radiation emitted at the top of the atmosphere (2.51 W m 22 ) being larger than the increase in longwave radiation emitted at the bottom of the atmosphere. The change in the solar downward flux at the surface is small, and the surface radiative forcing of 11.06 W m 22 is largely due to the increase in the downward longwave radiative flux.
Following the energetic re-equilibration of the atmosphere, the top-of-atmosphere (TOA) imbalance seen in the response increases to 4.18 W m 22 . This increase is largely due to the Planck feedback allowing the stratosphere to regain pure radiative equilibrium (see the 1.70 W m 22 difference between the forcing and response of the 0-150 hPa layer in Table 2 ). The b900 layer also shows a substantial negative radiative Global average response of atmospheric temperature at 1, 2, and 3 days following the forcing, and at equilibrium. The grey horizontal lines mark the 900 and 150 hPa levels, which are used to define the top and bottom boundaries of the b900 layer and the stratosphere, respectively. ing a negative feedback of about 5% of the forcing). As can be seen in Figure 3 , within reasonable variations of the definition of the layers, the radiative feedback is always much smaller in the interior of the atmosphere than in the b900 layer. The lack of the Planck feedback in the interior of the atmosphere is not surprising given that free tropospheric temperatures are fairly tightly constrained by the fixed surface temperatures (e.g., Emanuel et al., 1994; Fueglistaler et al., 2015; Sobel et al., 2002) in this experiment.
Journal of Advances in Modeling Earth Systems
Upon atmospheric equilibration, as required, the TOA and surface forcings are equal (4.18 W m 22 ) and correspond to the negative of the TOA imbalance of the 1SST calculation (not shown). The latter is the experiment proposed by Cess and Potter (1988) to determine climate sensitivity, but here with the latitudinal structure of temperature change rather than a uniform warming. This Note: This table shows the changes in the top-of-atmosphere (TOA) net downward radiative flux, and separately for solar (shortwave, ''sw'') and terrestrial (longwave, ''lw'') radiation; the radiative flux convergence in the whole atmosphere (0-1,000 hPa), and separately for different atmospheric (ATM) layers: the stratosphere (0-150 hPa), the troposphere above the b900 layer (150-900 hPa), the b900 layer (900-1,000 hPa); the surface (SURF) upward radiative (RAD) flux, sensible and latent heat fluxes, and the net upward flux at the surface. The sign convention gives a negative number for a positive forcing of the surface energy budget. (7)). The equilibrium response is shown on the right side of each plot. Values in the stratosphere for temperature and stratification change exceed range, and plots show only the troposphere up to 150 hPa.
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Hereṽ is the horizontal wind field, r5 R T cp p 2 dT dp is the static stability with the ideal gas constant R and heat capacity at constant pressure c p , x is the pressure velocity, Q rad is the radiative heating, Q lat is the latent heating, and s vdif is the temperature tendency that results from the vertical diffusion of sensible heat flux (recall equation (6)). Figure 3 shows that also the equilibrium temperature change D½T profile is, broadly speaking, positive wherever D F ½Q rad is positive, and vice versa. However, the relation between temperature and radiative heating is more complex (e.g., Emanuel et al., 1994) , a point we will return to in section 4. Table 3 shows that the changes in sensible and latent heat in the 1CO 2 experiment are dominated by the changes in the global averages ½T diff and ½q diff (recall equations (3) and (4)), i.e., the contributions from other terms (such as wind) and correlations between variables not captured by the product of the global means are secondary. Results for comprehensive GCMs are similar both for the fast adjustment (e.g., Andrews & Forster, 2010; Colman, 2015; Previdi, 2010) and with surface warming (e.g., Lorenz et al., 2010; Richter & Xie, 2008) . We therefore frame the following analyses in terms of ½T diff and ½q diff , and discuss the role of other terms, specifically wind, in section 4. Figure 4 shows the evolution of the ensemble mean difference between the forced and unforced atmosphere over the first 10 days following the forcing, for global average radiative heating (½Q rad , plot a), atmospheric temperature tendency (½@T=@t, plot b), temperature (½T, plot c), and stratification ½r, plot d). Note that the evolution of the tropical and extratropical atmosphere (not shown) are very similar, i.e., the global means in Figure 4 do not hide relevant information. This figure shows that the troposphere responds fast, and that much of the atmospheric response occurs over the initial 2-3 days when the difference in temperature tendency between the forced and unforced runs is dominated by the forcing. The temperature response observed here in aqua-planet configuration is very similar to that reported in comprehensive GCM calculations (e.g., Dong et al., 2009) . Figure 4a -b shows that initially the radiative forcing is largely balanced by the temperature tendency (½@T=@t, leading to warming in the lower troposphere and cooling in the stratosphere (Figure 3b ). The temperature response (Figure 4c) gives an increase in stratification (Figure 4d ) between the surface and about 800 hPa, and a decrease in stratification between about 800 and 500 hPa. This see-saw in stratification change renders arguments relating changes in tropospheric circulation strength and stratification ambiguous, a point we will return to in section 3.4.
The Transient Response Following the Forcing
Sensible Heat Flux Response
The sensible heat flux is proportional to the temperature difference between the surface and the nearsurface layer (T diff , equation (4)). Consequently, a radiative forcing of the near-surface layer that induces a temperature change in the near-surface layer would necessarily produce a response in the sensible heat flux of opposite sign to the radiative forcing. In order to demonstrate that this process and the negative radiative feedback allow the atmosphere to balance the radiative forcing of the b900 layer, we seek to predict the GCM's sensible heat flux response with a simplified expression that incorporates the two processes. That is, we consider the b900 layer energy balance as
whereby X encapsulates the effect of all other processes, and the tildes refer to quantities predicted from simplified physics as detailed below. The following additional assumptions yield closure with parameters that can be determined solely from the base state: (i) the b900 layer average temperature change is similar to the near-surface layer temperature change (i.e., D½T b900 % D½T lal 52D½T diff ), and most of the sensible heat flux dissipates in the b900 layer (i.e., equation (6)); (ii) the radiative feedback is well described by Newtonian cooling for the b900 layer as a whole; and (iii) other terms X are small. Figure 5a shows that this estimate predicts fairly well both the transient and equilibrium responses of sensible heat flux. Supporting information Figure S1 shows that this is also true for the calculation with CRE.
The Newtonian cooling approximation for the radiative feedback in the b900 layer is
where the relaxation coefficient k rad b900 521:52 W m 22 K 21 is determined from vacillations in the base state. Figure 5b shows that this underestimates the radiative feedback following the forcing by about a factor two. The calculations with CRE (see supporting information Figure S1 ) give very similar results, though in this case the radiative feedback is more accurately predicted. The physical model underlying Newtonian cooling does not apply to the CRE, and the better agreement simply states that for this model a linear regression through vacillations in the base state with CRE provides a better predictor than for the model without CRE.
For the model calculation without CRE, the term X in equation (8) 
and , and D½T b900 5 0:11 K. The GCM calculations give D½S520:67 W m 22 (see Table 1 ) and D½T b900 50:10 K (see Table 3 ). The predictions for the calculations with CRE (see supporting information Figure S1 ) are also reasonably accurate (within about a factor 2).
Equations (9) and (10) can also be written for the model's lowest atmospheric layer rather than the b900 layer, thus taking advantage that the Newtonian cooling approximation works better close to the surface (Figure 5c ). However, only a small part of the sensible heat flux diverges in the lowest layer, and additional assumptions would be necessary. Finally, the model calculations using the AM2 convection parameterization instead of the Bretherton and McCaa (2004) scheme give similar results, though in that model setup the neglected processes (X in equation (8)) are larger, a point we will return to in section 4. 
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Latent Heating and Precipitation
Following considerations put forward by Knutson and Manabe (1995) , Held and Soden (2006) , Vecchi and Soden (2007) , Schneider et al. (2010) , Bony et al. (2013) , and others, we seek to connect the strength of the hydrological cycle to the strength of the tropospheric circulation, and its dependence on the atmospheric radiative divergence ½R (equation (1)). We find that for the model atmosphere evaluated here, a simple metric for the strength of the circulation based on the radiative heating profile (Q rad ðpÞ) provides a fairly good approximation to the strength of the hydrological cycle, and its change in response to radiative forcing. Specifically, we use the previously noted balance between radiative cooling and latent heating above about 900 hPa (see Figure 2) . In the limit where the instantaneous fractional area of latent heat release is small (a condition very well met particularly in the tropics), we can estimate the global average diabatic up and down air mass fluxes from the radiative heating rate (see, e.g., Folkins et al., 2008; Yano et al., 2002; Zelinka & Hartmann, 2010) as
and ½x rad 52½x lat : The equality holds only for domains with closed circulation (in this case the global average), and no correlation between x and stratification r. The latter is a systematic error in the approximation that we have to accept (the two are correlated and horizontal advective fluxes play a role). The moisture tendency from condensation in the ascending regions may be approximated as ½x lat Á dq sat dp 52½x rad Á dq sat dp ½m rad ðpÞ:
This is similar to the estimate of O'Gorman and Schneider (2009), but with the average saturation mixing ratio profile rather than a moist adiabatic saturation mixing ratio profile. Within the b900 layer, the assumptions for equation (12) are not valid; specifically, ascending air masses may not be at saturation and sensible heating plays a key role in balancing radiative cooling. Therefore, ½m rad as defined by equation (12) is useful only above the b900 layer. The global averaged condensing mass flux above the b900 layer is
½m rad ðpÞ dp:
The direction of the moisture flux ½M rad is upward, i.e., it is a moisture sink for the b900 layer and a moisture source for the atmosphere above the b900 layer. With the previously noted approximate balance between evaporation and condensation below 900 hPa, equation (13) provides an estimate for the global average precipitation (½P), i.e., ½P % 2½M rad (the minus sign arises from the definition of [M rad ] in equation (13)). Figure 6a shows that, in the base state, ½m rad calculated from equation (12) indeed agrees fairly well (particularly when considering its simplicity) with the true condensing moisture tendency 
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calculated by the model ½m phs , and correspondingly ½M rad is a fair approximation to the global average precipitation. Figure 6b shows the response in the condensing moisture tendency as calculated by HiRAM, and the corresponding estimate ½m rad based on the radiative forcing (D F ½m rad , using D F ½Q rad and the saturation specific humidity of the base state), and based on the equilibrated state (D½m rad , using D½Q rad and D½q sat in equation (12)). This figure shows that for this model, the estimate based on the forcing agrees better than the estimate based on the equilibrated atmospheric state. Better agreement in one or the other case should not be over-interpreted. Also, we refrain from numerically comparing the model precipitation response with the estimate based on equation (13) since the latter integral is sensitive to the exact choice of the lower integration bound (see Figure 6 ). The main point here is that the concepts and their mechanistic representations as embodied in the simple equations capture the sign as well as the magnitude of the response.
Mass conservation of moisture in the b900 layer ensures that the change in the net moisture export across the 900 hPa level (½M rad ) is quickly communicated to the near-surface layer, where the specific humidity q lal adjusts until the change in evaporation (regulated by q diff 5q s 2q lal , equation (3)) balances the change in moisture export across the 900 hPa level, i.e.,
where E is the evaporation at the surface.
Equation (14) provides an estimate of the evaporation and precipitation change following the radiative forcing where the mechanism is based on the forcing of the radiatively subsiding air mass flux. By mass conservation, there is a synchronous mass flux change in diabatically ascending air. Lacking a time lag between the two, it is difficult to determine causality. One may consider the alternative hypothesis where the temperature change caused by the radiative forcing gives a stratification change that throttles the ascending air mass flux, and in doing so achieves the same result for the moisture export across the 900 hPa level. Our preference to emphasize the role of the radiatively subsiding mass flux is based on the empirical result that the stratification change is ambiguous (recall Figure 4d) , whereas ½x rad is not ambiguous and can be reasonably quantitatively predicted from D F ½Q rad . Moreover, the stratification change cannot be predicted from knowing only D F ½Q rad . As mentioned before, the temperature profile change indeed roughly follows the D F ½Q rad profile; however, the temperature profile change is more complex than just the local forcing on temperature by the radiative cooling change. We will return to this in section 4.
Analysis of causality, in particular also the connection to evaporation, is further complicated by the fact that initially most of the radiative forcing is balanced by the atmospheric temperature tendency ½@T=@t rather than by the radiatively subsiding air mass flux. Figure 7a shows that, integrated over the 900-150 hPa layer, 
the change in enthalpy tendency minus the change in latent heating released in precipitation approximately balances the change in the radiative heating rate. This is expected on the basis of the thermodynamics equation (equation (7)) given that the contributions of sensible heating and advective tendency integrated over the free troposphere are small. The figure shows that the latent heating response is initially small, and becomes large compared to the enthalpy tendency response only after about day 3. Figure 7b shows that following the onset of forcing, the difference between precipitation and evaporation (P 2 E) is initially negative in all 10 ensemble members in both calculations without and with CRE (see supporting information Figure S2 ). Hence, the initial response to the forcing (P2E < 0) is an increase in the total atmospheric moisture, which is consistent with the argument that the reduction in the moisture export across the 900 hPa level drives the b900 layer specific humidity, which then by virtue of mass conservation adjusts until evaporation changes by the same amount as precipitation.
Role of Other Processes
Near-Surface Wind
We have argued that the radiative forcing changes sensible heat flux and surface evaporation by operating, respectively, on the near-surface temperature and specific humidity. In this perspective, changes in other parameters in equations (3) and (4), including the near-surface wind, merely amplify or weaken the changes in temperature and specific humidity required to balance the radiative forcing.
To further explore the impact of changes in the near-surface wind, we present additional model simulations where we prescribe the near-surface wind juj used to calculate surface evaporation and sensible heat flux in equations (3) and (4). For these experiments, we fix the atmospheric CO 2 mixing ratio at 400 ppmv such that there is no radiative forcing. In the base simulation, we prescribe a globally uniform wind juj (taken to be the global mean value of juj in the SST400 simulation). An additional simulation is performed in which the surface flux efficiency (Larson et al., 1999) is decreased by reducing juj arbitrarily by 3%. Table 4 shows that, as expected in the absence of radiative forcing, the fractional change in the sum of sensible and latent heat fluxes (20.38%) is much less than the prescribed 23% change in near-surface wind. In line with the arguments presented above, this response is largely accomplished by the changes in the differences between the surface (which is fixed) and the lowest atmospheric layer's temperature and specific humidity. Indeed, the fractional changes in ½T diff and ½q diff roughly balance the fractional change in wind, and the sensible and latent heat fluxes change little. The compensation is not perfect and there is a net change in the sum ½L1½S (and correspondingly in ½R) of 20.38%. Also, there is a repartitioning between sensible and latent heat fluxes with a slight increase in the Bowen ratio following the prescribed-wind reduction.
The changes observed in these prescribed-wind experiments can be explained in terms of the processes discussed in section 3. Initially, the decrease in the near-surface wind reduces both ½L and ½S (according to equations (3) and (4)). These changes lead to decreases in both the near-surface temperature and specific humidity. Since both the energy and moisture budgets of the near-surface layer are constrained by ½R (which remains relatively unchanged), the near-surface temperature and specific humidity must adjust until their changes compensate for the prescribed near-surface wind change.
However, the changes in temperature and specific humidity can weakly feed back onto ½R such that D½R is not zero at equilibrium. The decrease in the near-surface temperature (D½T diff > 0) decreases atmospheric downward longwave flux at the bottom of the atmosphere. Similarly, the decrease in near-surface specific humidity (D½q diff > 0) decreases the atmospheric downward longwave flux at the bottom of the atmosphere. This is because a decrease in specific humidity shifts the downward emission level higher up, where temperatures are lower. Thus, both the temperature and specific humidity adjustment lead to a decrease in downward longwave radiation at the bottom of the atmosphere, and hence a decrease in ½R. Journal of Advances in Modeling Earth Systems 10.1002/2017MS001116
Cloud Radiative Effect
The cloud radiative effect and its change in response to the radiative forcing depends on processes that cannot be written directly as a function of the radiative forcing, and indeed sign and magnitude may differ substantially between GCMs. Kamae and Watanabe (2013) provide a detailed analysis of the cloud fast response. For the GCM used here, the main impact of the CRE is a change in the magnitude of terms, and for the sensible heat flux discussed in section 3.3 the estimate still works well (see supporting information Figure S1 ). Figure 8 shows that the CRE induces a radiative feedback that is in this model strongest (and negative) in the boundary layer, but that there is also a (positive) feedback in the free troposphere. This feedback is a consequence of the response in the cloud field that affects the radiative fluxes. As such, it is part of the fast adjustment in the terminology of Gregory et al. (2004) and may not be confused with the ''cloud radiative feedback'' in studies of climate sensitivity. The temperature response profile difference between the calculation without and with CRE ( Figure 8a , difference between grey and blue solid curve) roughly follows the radiative feedback from the response in the cloud field (Figure 8b ).
The atmospheric temperature profile change should not be seen merely as a result of the radiative heating rate perturbation in equation (7), but also a change in moist static energy in convecting regions (Emanuel et al., 1994) . We find that the precipitation-weighted tropical surface temperature, a simple proxy thereof (see Flannaghan et al., 2014; Sobel et al., 2002) , captures the temperature response (warming) upon forcing, 
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and also captures the larger warming of the free troposphere in the model configuration with CRE ( Figure  8c ). For the model configuration without CRE, the precipitation-weighted tropical surface temperature increases by 0.022 K, while for the configuration with CRE it increases by 0.039 K upon doubling CO 2 at fixed surface temperature (compare with the tropospheric temperature responses shown in Figure 8c ). Table S1 ). This is primarily due to the cloud longwave effect and is expected since clouds contribute to the longwave optical depth such that a change in CO 2 has less impact on the optical depth in a cloudy atmosphere. Upon equilibration, the TOA forcing remains larger in the model configuration without CRE (4. ). This reflects the difference in radiative divergence change in the b900 layer as a consequence of the response in the cloud field (see Figure  8b ). In the 150-900 hPa layer, the radiative divergence change is similar (2.05 W m 22 versus 2.30 W m 22 ).
Overall, the model calculations with CRE follow the same mechanism as the calculations without CRE, with the CRE being a process (similar to possible surface wind changes) that can either dampen or amplify the responses in the previously discussed three processes that ensure equation (1). Figure 9 shows the radiative heating and temperature responses for the model configuration with the GFDL AM2 convection scheme without CRE. The results are similar to those of the HiRAM configuration without CRE. We note a slightly larger response in the radiative heating rate in the b900 layer compared to the standard HiRAM model configuration. This reflects that the AM2 configuration shows larger changes in the nonradiative terms in the energy budget of the b900 layer (not shown). That is, in terms of equation (8), the neglected terms X are larger. Nonetheless, as in the case of the standard HiRAM configuration, equation (9) provides an estimates of the sensible heat flux change within about a factor 2 of the model value (not shown). Figure 9b shows that the temperature response (warming) in the free troposphere is slightly larger than in the standard HiRAM configuration. As in the case of the calculations without and with CRE, the precipitation-weighted SST captures the difference in the free tropospheric temperature response, with the precipitation-weighted SST increasing by 0.041 K, compared to the increase of 0.022 K in the standard HiRAM configuration.
Results With the GFDL AM2 Convective Parameterization
Summary and Outlook
We have analyzed the fast response to radiative forcing arising from doubling CO 2 in GCM aqua-planet calculations with perpetual annual-mean insolation. We argue that the three processes that ensure that the sensible and latent heat fluxes from the surface to the atmosphere balance the atmospheric radiative divergence are (i) the negative Planck feedback in the b900 layer, (ii) the negative response in sensible heat flux to temperature change in the near-surface atmospheric layer, and (iii) the free tropospheric radiative subsidence balancing the corresponding ascent, and consequently controlling the condensing water flux. By mass conservation, the change in water export across the top of the b900 layer affects the near-surface specific humidity, which adjusts until the evaporative flux change matches the change in the export flux. Simple equations incorporating these effects provide a fair prediction of the response to forcing in the GCM calculations.
The emphasis put here on the radiatively subsiding mass flux to explain the response in the hydrological cycle rather than atmospheric stratification changes is due to the fact that the latter is ambiguous. While stratification increases below 800 hPa (qualitatively consistent with the decrease in circulation strength), the stratification of the free troposphere decreases (a signal also observed in comprehensive GCM calculations (e.g., Dong et al., 2009) . A quantitative unification of the two perspectives deserves further attention.
Other processes, of which we have discussed cloud radiative effects and changes in near-surface winds used to calculate sensible and latent heat fluxes, can amplify or dampen the response in the above three processes required to balance the forcing. However, by themselves they cannot ensure that the radiative forcing is balanced by latent and sensible heat flux changes.
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The energetic re-equilibration of the atmosphere occurs on the timescale of days in the troposphere, and about a month in the stratosphere. This fast adjustment of the atmospheric state transforms the TOA radiative forcing into a surface forcing which is realized mainly through changes in latent and sensible heat fluxes rather than surface radiative flux. That is, the surface warming following an increase in CO 2 is largely driven by the decrease in atmospheric demand of energy from sensible and latent heat fluxes. Using the property that, for the model configuration used here, the 1SST and 1CO 2 prescribed-SST runs can be linearly added to recover any transient state of the slab-ocean calculation, the 1SST response may be analyzed in a similar fashion to arrive at a mechanistic description of the response of the coupled atmospheresurface system.
